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Abstract

In the southern Appalachians, the Blue RidgeePiedmont crystalline thrust sheet was emplaced onto low-grade Late Precambrian and Paleo-
zoic sedimentary rocks in the footwall along a basal detachment consisting of phyllosilicate-rich mylonites (phyllonites). The phyllonites
developed first by mechanical breakdown of feldspar followed by chemical breakdown to white mica in the presence of a pore fluid. Diffusion
of solute in the pore fluid is the rate limiting step in controlling reaction rate and also the strain rate. Assuming solute diffusion follows the
StokeseEinstein equation, the shear strain rate is given by dg=dt ¼ 2nukT=5hrx2 for shear stress �20 MPa, where n is a constant, u is a geo-
metric factor, k is Boltzmann’s constant, T is absolute temperature, h is water viscosity, r is the atomic radius of the diffusing species, and x is the
diffusion distance. A bulk diffusion coefficient in the range of w10�10 to 10�12 m2/s over distances of 10e100 m results in strain rates of 10�14

to 10�13 s�1 in the temperature range 200e400 �C. It is concluded that greenschist grade crystalline thrust sheets develop on pre-existing base-
ment faults that become weak during reaction softening and localize into high strain phyllonite zones in which pore fluid diffusion controls
reaction rate and strain rate.
� 2007 Elsevier Ltd. All rights reserved.
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1. Introduction

A common feature of the internal portions of many mountain
belts is the presence of crystalline thrust sheets that have trav-
eled far from their source (Armstrong and Dick, 1974; Boyer
and Elliott, 1982; Laubscher, 1983; Hatcher and Hooper,
1992; Wibberley, 2005). The mechanism of emplacement of
crystalline thrust sheets reflects the behavior of the continental
crust during collisional processes, and is therefore important to
understanding continental deformation. An influential model of
continental crustal strength indicates a strong brittle upper crust
that gives way to a weaker ductile lower crustal layer (Brace and
Kohlstedt, 1980). In this model, the strength of faults in the
upper crust increases with depth according to laboratory friction
experiments (Byerlee, 1978), but at greater depths, temperature
dominates over confining pressure and thermally activated
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mechanisms (such as dislocation creep in quartz and feldspar)
control crustal strength below the brittleeductile transition
(Carter and Tsenn, 1987). For example, crystalline thrust sheet
emplacement is commonly explained by weakness at the base
of the brittle crust, whereby thrust slices become detached
at a depth corresponding to the brittleeductile transition
(Armstrong and Dick, 1974; Boyer and Elliott, 1982; Hatcher
and Hooper, 1992). Several workers (Janecke and Evans,
1988; Wintsch et al., 1995; Imber et al., 2001; Wibberley,
2005), however, have pointed out that this model of the crust
requires substantial modification in light of the widespread rec-
ognition that crustal faults are commonly phyllosilicate-rich
mylonitic rocks (phyllonites). In this case, Byerlee-type friction
or power law creep of quartz is unlikely to control strength in
either the brittle or ductile regimes.

In the Blue Ridge province of the southern Appalachians
the base of crystalline thrust sheets are commonly lined with
phyllonites (Bryant, 1966; O’Hara, 1988; Newman and Mitra,
1993; Bailey, 1995). Understanding the behavior and strength
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of these rock types is therefore important to understand the
assembly of the internal portions of mountain belts. In this
paper I propose a model for the rheology of phyllonites in
which diffusion of solutes in a pore fluid controls reaction
rate and strain rate. The model is applied to the emplacement
of the Blue RidgeePiedmont thrust in the southern Appala-
chians, but it is also applicable to crystalline thrusts in other
orogenic belts emplaced under greenschist conditions.

2. Tectonic setting

Hatcher and Hooper (1992) distinguished several types of
crystalline basement thrusts. Their type C thrusts (composite
basement) are thin, stiff sheets that show little or no internal
deformation and are inferred to have been emplaced as rigid
blocks, typically under greenschist conditions. Examples
include the Blue RidgeePiedmont sheet which, on the basis
of seismic reflection profiles (Cook et al., 1979), is one of
the largest (>300 km wide). The Silvretta thrust sheet in the
eastern Alps (Laubscher, 1983) and the Pelvoux Massif in
the western Alps (Wibberley, 2005) are other examples. In
the case of type C thrusts, it is commonly assumed that they
become detached at a level in the crust corresponding to the
‘‘brittleeductile’’ transition, which may correspond to the
onset of crystal plasticity in quartz (e.g. Armstrong and
Dick, 1974; Boyer and Elliott, 1982; Laubscher, 1983; Hooper
and Hatcher, 1992).

Greenschist grade phyllonites are common along thrusts in
the western Blue Ridge province of the southern Appalachians
(Fig. 1; O’Hara, 1988, 1990; Bailey, 1995). In the more inter-
nal parts of the thrust sheet, the Grandfather Mountain window
exposes similar rock types on the Linville Falls thrust (LFT,
Fig. 1; Newman and Mitra, 1993), consistent with the idea
that the entire sheet is underlain by similar mica-rich mylon-
ites. Phyllonites along the Linville Falls thrust (LFT, Fig. 1)
yield a RbeSr whole rock isochron of w300 Ma, indicating
a Pennsylvanian age of thrust emplacement (Schedl et al.,
1992). Mylonites along thrusts to the east in the Central
Blue Ridge yield older ages (40Ar/39Ar and RbeSr mineral
ages) of w325 Ma indicating that the composite thrust sheet
was assembled earlier, and then emplaced in sequence,
piggyback-style, during the Alleghanian orogeny (Goldberg
and Dallmeyer, 1997).

Along the frontal Blue Ridge thrust (Fig. 1), detailed
mylonite studies at Hot Springs (Rector Branch thrust,
Fig. 1; O’Hara, 1988, 1990) show thick (w80 m) phyllonite
developed at the contact between basement rocks and underly-
ing Late Precambrian clastic meta-sedimentary rocks. At Fries
(Fig. 1), a wide (w1 km) zone of phyllonite is developed
between Precambrian basement in the hanging wall and lower
Paleozoic sediments and Precambrian basement in the foot-
wall (O’Hara, 1990). At the Linville Falls thrust, phyllonites
of 1e100 m thick are developed between granitic basement
rocks in the hanging wall and Paleozoic quartzites in the foot-
wall (Newman and Mitra, 1993). Farther to the north along
strike in Virginia, mica-rich mylonites are also present within
a wide (1e3 km) high strain zone (Rockfish Valley fault)
within the Grenville basement (Bailey, 1995). Together, the
Rector BrancheFrieseRockfish Valley faults make up a major
tectonic boundary in the western Blue Ridge province that can
be traced along strike for 400 km in North Carolina and
Virginia.

3. Deformation of feldspar and quartz in phyllonites

At Hot Springs, North Carolina (Fig. 1), the protolith rocks
are coarse grained biotite gneisses with a weak foliation
defined by aligned feldspars and biotite (Fig. 2a). Close to
the Rector Branch thrust, these rocks become more strongly
foliated with a weak to absent lineation, and biotite is retro-
graded to chlorite (Fig. 2b). Feldspars commonly show offset
on brittle shears. Within fault zones, the rocks take on a schis-
tose character with decreasing modal abundance of feldspar

Fig. 1. Generalized geologic map of the southern Appalachians showing tec-

tonic provinces and the tectonic boundaries between them. PMT, Pine Mountain

thrust; PVA, Powell Valley anticline; PT, Pulaski thrust; BRT, Blue Ridge thrust;

RBT, Rector Branch thrust; LFT, Linville Falls thrust; BZ, Brevard zone; FT,

Fries thrust. Teeth on the upper plate of thrusts. Cross section AeA0 after Wood-

ward and Gray (1985) and section BeB0 after Rast and Kohles (1985). Random

stipple: Blue Ridge basement; conglomerate pattern: Late Precambrian clastic

rocks (Snowbird Group); brick pattern: Paleozoic stratigraphic section.
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Fig. 2. Progressive mylonitization of basement gneiss (Max Patch granite). Scale bar 5 cm. (a) Typical biotite gneiss showing regional foliation. (b) Foliated gneiss

with biotite retrograded to chlorite. Feldspars show brittle shears. (c) Phyllonite developed from granite gneiss showing relict rounded feldspar clasts in a matrix of

white mica and chlorite that defines the mylonitic foliation. (d) Phyllonite in which most of the feldspar has been dissolved. The foliation shows conspicuous

concentrations of insoluble accessory minerals such as apatite, zircon, epidote, tourmaline and iron oxides.
and increased abundance of fine-grained white mica (usually
phengite) and chlorite (Fig. 2c). In more intensely deformed
mylonites, the abundance of feldspar is low and the rocks
are termed ultramylonites or phyllonites (Fig. 2d).

Microstructural observations in these rocks indicate that the
feldspars deform in a brittle mode, fracturing mainly along
their cleavage planes (Fig. 3). Alkali feldspars have two
perfect cleavages on [001] and [010] and plagioclase has
one perfect cleavage on [001] (Deer et al., 1992). The stress
acting on a plane of weakness (e.g. a cleavage plane) in a min-
eral will be different from the remote loading stresses in the
rock, and it is described by the stress intensity factor, K. For
a two-dimensional crack, K ¼ YðpcÞ0:5sr where Y is a factor
related to crack geometry, c is the half-length of the crack
and sr is the remote stress (Atkinson, 1987). Table 1 shows
values of K (MPa m½) for different cleavage directions in feld-
spar and quartz. Feldspar has lower K values compared to
quartz, except for basal slip (0001) on quartz, which is similar
to that of feldspar. In the brittle field where both quartz and
feldspar behave in a brittle mode (e.g. sub-greenschist facies),
feldspar would be expected to show a higher density of frac-
tures on cleavage planes compared to quartz, and this is
observed (e.g. Evans, 1990). Under greenschist conditions,
co-existing quartz commonly undergoes grain-size reduction
by syn-tectonic recrystallization (Fig. 3a, b, c) or otherwise
shows evidence for crystal plastic mechanisms of deformation.
The intimate association of plastically deformed quartz within
the phyllonite fabric indicates that the micas formed under
similar temperature and strain rate conditions as quartz.
Oxygen isotopic fractionations between recrystallized quartz
and feldspar grains in the mylonites yield temperatures of de-
formation in the range 325e400 �C (O’Hara et al., 1997).

The brittle deformation of feldspar is likely to have two im-
portant consequences in phyllonites. First, grain-size reduction
will result in increased reaction rate as the surface area
increases, and second, brittle failure will enhance rock perme-
ability and further promote fluiderock reaction.

4. Chemical reactions in phyllonites

Reaction weakening in phyllonites has been addressed by
several authors (Dixon and Williams, 1983; O’Hara, 1988;
Wintsch et al., 1995; Hippertt and Massucatto, 1998; Gueydan
et al., 2003; Wibberley, 2005; O’Hara, in press). An important
weakening reaction common in phyllonites is the breakdown
of alkali feldspar to muscovite (Bryant, 1966).

3=2KAlSi3O8þHCl
K-feldspar

¼ 1=2KAl3

�
Si3Al3O10

�
ðOHÞ2þ3SiO2þKCl

Muscovite

ð1Þ

Fig. 4 shows the stability fields of muscovite and kaolinite
relative to K-feldspar as a function of temperature and fluid
composition (Hemley, 1959). Also shown are the fields where
quartz and feldspar are expected to behave in a brittle versus
crystal plastic fashion, resulting in fields labeled cataclasite
(<300 �C) and phyllonite (>300 �C). Based on molar volumes
this reaction results in a volume decrease of w50% when



1304 K. O’Hara / Journal of Structural Geology 29 (2007) 1301e1314
Fig. 3. (a) Rectangular fragments of alkali feldspar in a matrix of recrystallized quartz and minor white mica. Fries thrust, Virginia. Scale bar 0.2 mm. (b) Frag-

ments of perthite and albite showing alteration to white mica (phengite) along margins. K-feldspar shows more alteration compared to albite. Matrix consists of

recrystallized quartz (Q). Rector Branch thrust, North Carolina. Scale bar 0.2 mm. (c) Breakdown of alkali feldspar grains to fine-grained muscovite (Mu). A mus-

covite-rich foliation is developed between feldspar and quartz grains. Quartz shows recrystallization to a finer grain size. Rector Branch thrust. Scale bar 1 mm. (d)

Phyllonite showing strong muscovite-rich foliation (black lines) between feldspar-rich zones. Feldspars show elliptical shapes, reflecting dissolution. Quartz (Q) is

recrystallized and is part of the mylonitic fabric. Rector Branch thrust. Scale bar 1 mm.
aqueous quartz is removed in solution in an open system
(O’Hara, 1994). Wibberley (1999) suggested that in cases
where silica is not removed in the fluid phase, but rather pre-
cipitates as a cement, this reaction may cause reaction harden-
ing. On the basis of volume loss observed in these rocks, it is
likely that silica was removed in the fluid.

Fig. 4 shows that muscovite can be stabilized relative to
feldspar by two end-member paths: (1) a decrease in

Table 1

Stress intensity factor K on selected cleavage planesa

Alkali feldspar Quartz

0.39 (001) 0.31 (0001)

0.39 (010) 0.85 (normal to r)

0.31 (110) 1.0 (normal to z)

a Atkinson and Meredith (1987).
temperature at constant fluid composition (path aeb) and (2)
a decrease in the mKCl/mHCl ratio (increased acidity) at con-
stant temperature (path dec). For example, at about 350 �C,
influx of a fluid with a mKCl/mHCl ratio less than about 103

would cause dissolution of feldspar and precipitation of mus-
covite. In the case of path aeb, given the presence of a per-
vasive fluid, the rate of reaction will be controlled by mineral
surface reaction and also by the amount of undercooling. In
the case of path dec, the rate of reaction maybe controlled
by either surface reaction or transport of fluid to the site of
reaction (e.g. Lasaga, 1997). Walther and Wood (1984)
have emphasized the rapid rate of metamorphic reactions
in general, suggesting that diffusion control maybe dominant
under metamorphic conditions. On the other hand, more recent
diffusion measurements in mica-rich mylonites indicate sur-
prisingly rapid diffusion rates (Farver and Yund, 1999).
Below, a model is presented in order to evaluate the relative



1305K. O’Hara / Journal of Structural Geology 29 (2007) 1301e1314
importance of diffusion versus reaction rate in the formation of
the phyllonites, within the context of the Blue Ridge province.

5. Fluid transport and deformation models

5.1. Fluid transport model

In the western Blue Ridge province westward emplacement
of crystalline thrust sheets took place during the middle and
late Paleozoic onto Late Precambrian clastic sedimentary rocks
and Paleozoic carbonates (Goldberg and Dallmeyer, 1997;
Hatcher et al., 2005). Oxygen and hydrogen isotope analyses
of minerals in the mylonites are consistent with derivation of
the fluids from the underlying Paleozoic carbonate and Late
Precambrian clastic sedimentary rocks (O’Hara et al., 1995).
Fluid inclusion studies indicate that the fluids were NaCle
CaCl2 brines with variable salinities (5e25 wt% NaCl equiv-
alent; O’Hara et al., 1995).

The model involves two scales of fluid transport (Fig. 5).
Large scale fluid flow (solid arrows) occurs on fractures, solu-
tion features (in Paleozoic carbonates) or faults that supply
fluid from the footwall to the base of the thrust. In the case
of phyllonites developed between basement slices (e.g. Fries
thrust; O’Hara, 1990), it is inferred that fluid must have gained
access to the fault through fractures in the basement. Fluid
flow also occurs parallel to the thrust zone. The driving force
of fluid flow is provided by the lithostatic load of the thrust
sheet. Transport on a smaller scale is by solute diffusion in
the pore fluid (open arrows) into the base of the thrust sheet,

Fig. 4. Plot of temperature versus fluid composition showing stability fields of

K-feldspar, muscovite and kaolinite (Hemley, 1959). The molal ratio mKCl/

mHCl controls the alteration of alkali feldspar to muscovite at a given temper-

ature (e.g. path dec). Breakdown of alkali feldspar to muscovite can also be

produced by a decrease in temperature at constant mKCl/mHCl (path aeb).

The phyllonite field (shaded region) includes mica-rich mylonites where

quartz behaves plastically, and feldspar behaves in a brittle mode. The catacla-

site field includes mica and clay-rich fault rocks in which both feldspar and

quartz are brittle.
accompanied by simultaneous chemical reaction at the miner-
alefluid interface (double headed arrows).

5.2. Grain-scale deformation model

Based on the brittle behavior of feldspar described above
(e.g. Fig. 3) a deformation model is suggested in which feld-
spar grains undergo simple shear (plane strain) along a fracture
(cleavage) plane. The displacement corresponds to the hori-
zontal dimension of the grain, resulting in two grains with
half the initial height (Fig. 6b). The process is repeated until
the feldspar is dissolved by chemical reaction. That the
displacement corresponds to the grain dimension is somewhat
arbitrary, but it is a convenient minimum unit on which to cal-
culate reaction progress during each strain increment. This
simple model may be more appropriate at high strains, where
the shear surfaces become sub-parallel to the shear direction
with increasing strain (e.g. Fig. 3d).

Starting with a cube of feldspar with a dimension of 1 cm
(Fig. 6a), after the first increment of simple shear, the surface
area of the two new half-height feldspar grains is 8 cm2

(Fig. 6b). After the second step the total surface area of four
quarter-height grains is 12 cm2 (Fig. 6c) and after the third
step (not shown) it is 20 cm2. By induction, the total surface
area at any given step is S¼ (4/2nþ 2)2n, but the amount of
new feldspar surface at each step is simply Snew¼ 2n. Because
feldspar is dissolving the new heights of the grains will be
somewhat less than illustrated.

A shear strain of g¼ 1 is produced as a result of the first
(n¼ 1) strain increment (Fig. 6b). Shear strain in subsequent
increments is given by g¼ 2n(n> 1). In the model, each incre-
ment of strain is only allowed to occur after each new grain is
coated with a thin layer of mica according to Eq. (1) above.
Solute must first diffuse along the fracture or cleavage plane
in order for reaction to take place on that plane. The shear
strain is controlled by either the feldspar dissolution rate or
the fluid transport rate, whichever is slowest. A minimum crit-
ical shear stress of 20 MPa is assumed before slip can occur
(Mariani et al., 2006).

Although a differential stress is required in order for slip to
occur, there is no implication in the present model that feld-
spar dissolution occurs by pressure solution. Pressure solution
involves enhanced dissolution under non-hydrostatic stress
conditions (e.g. Green, 1984). In the current model, feldspar
dissolution occurs solely because it is outside its stability field
under hydrostatic conditions (Fig. 4). In the following section
the deformation model is combined with the kinetics of Eq. (1)
to provide a temporal model for the evolution of the phyllonite
fabric.

6. Kinetics

6.1. Mineral surface reaction

Under the provisional assumption that diffusive transport is
sufficiently rapid, the reaction will be controlled by the
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Fig. 5. Fluid transport model for Blue Ridge thrust zone. Fluid flow (solid arrows) occurs along faults, joints or fractures in the footwall rocks. Transport into the

shear zone occurs by diffusion (inset, open arrows) and surface-mineral reaction is indicated by double headed arrows. Depending on the relative rates of surface

reaction and diffusion the rate of reaction will be either diffusion controlled (fast reaction) or surface reaction controlled (fast diffusion). V&R¼Valley and Ridge

province. Figure not to scale.
mineralefluid interface, and the rate of the dissolution reac-
tion can be expressed as (Walther and Wood, 1984; Lasaga,
1997)

dm

dt
¼ kr

�
1� exp

�
DGr

RT

��
ð2Þ

where dm/dt is the net observable rate of reaction, kr is a rate
constant, DGr is the Gibbs free energy for the overall reaction
and T is absolute temperature and R is the gas constant.
Depending on the value of DGr/RT, a useful approximation
can be made. If DG/RT is large enough and negative, then
Eq. (2) simplifies to

dm

dt
¼ kr ð3Þ

In general, Eq. (3) is a good approximation for DGr/RT
values less than �6.

Based on experimentally determined equilibrium constants,
Hemley (1959) provided estimates of DG for this reaction at
different temperatures (Table 2). The Gibbs free energy for
feldspar alteration increases with decreasing temperature so
that the reaction is promoted under retrograde conditions.
The value of DG/RT becomes more negative at lower temper-
atures and for temperatures <400 �C it is less than �6, the
condition where the simple linear reaction rate above (dm/
dt¼ kr) is a good approximation.

Taking into account the effect of mineral surface area on
reaction rate (Lasaga, 1997; Walther and Wood, 1984), Eq.
(3) is rewritten as

dm

dt
¼ krS ð4Þ

where dm/dt is in moles/cm3/s, kr is in moles/cm2/s and S is the
mineral surface area (cm2/cm3). Based on previously pub-
lished experimental data, Wood and Walther (1983) proposed
a ‘‘master’’ equation for kr over a large temperature range un-
der near neutral pH conditions for all silicates

logkr ¼
�2900

T
� 6:85 ð5Þ

where k is now in number of gram atoms of oxygen per mole.
In the context of Eq. (1) above, feldspar has 8 g oxygen per
mole so that Eq. (5) can be converted to moles by dividing
by 8. Taking the logarithm of both sides of Eq. (4) and
substituting in Eq. (5), gives
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Fig. 6. Model of feldspar deformation showing three stages of grain-size reduction by simple shear along planes of weakness (cleavages). (a) The initial cubic grain

has a dimension of 1 cm and a surface area of 6 cm2. (b) Two new grains with height approximately half the original grain are produced for n¼ 1, with a total

surface area of 8 cm2. (c) For n¼ 2, the total surface area of four quarter-height grains is 12 cm2. For n¼ 3 (not shown) the total surface area is 20 cm2. The

amount of additional new surface area exposed in each increment is given by Snew¼ 2n (n> 0). The shear strain after the first increment is g¼ 1. In subsequent

increments (n> 1) g¼ 2n.
log

�
dm

dt

�
¼�2900

T
� 6:85� lognþ logS ð6Þ

where n (¼8) is the number of gram atoms of oxygen per
mole. A potential problem with the application of Eq. (5)
above is that the nucleation of one of the product phases
may control reaction rate. The common presence of mica,
even in weakly deformed phyllonites (e.g. Fig. 3a), suggests,
however, that nucleation of this phase is not rate controlling.

In the deformation model (Fig. 6) each increment of strain
occurs after each feldspar grain is coated with mica according
to Eq. (1) above. The system is open and the model therefore
allows for volume loss, which is thought to be important in
this rock type (O’Hara, 1994). The volume of mica required
to coat feldspar at any given step is hSnew, where h is the thick-
ness of the mica coating and Snew is the newly exposed mineral
surface. Based on thin section observations (e.g. Fig. 3b)

Table 2

Thermodynamic quantities at different temperatures for Eq. (1)

T (�C) 200 300 400 500

DG (kJ/mol) �44.4 �38.9 �34.8 �31.0

DG/RT �11.2 �8.2 �6.2 �4.8
a value of h¼ 0.01e0.1 mm is indicated, but as shown below,
the overall conclusion is not sensitive to this value. After
a feldspar surface is coated with mica it is assumed that no fur-
ther reaction takes place on that surface due to the armoring
effect of the mica. For a mica density of r, the weight of
mica at each strain increment is Shr. Dividing by the gram
molecular weight of muscovite (398.3) gives the number of
moles of muscovite, and multiplying by 3 (from the stoichiom-
etry of Eq. (1)) yields the amount of feldspar (in moles) re-
quired to be dissolved to produce the coating of muscovite:
m¼ 0.0075 hrSnew.

The rate of feldspar dissolution (dm/dt) is given by Eq. (6)
above. Rearranging and integrating, the time to dissolve m
moles of feldspar is given by

logt ¼ 2900

T
þ 6:85þ logmþ logn� logS ð7Þ

The time required to produce a mica coating on newly created
surface area between each strain increment was calculated us-
ing Eq. (7). A BASIC routine was used in which surface area,
shear strain and time were updated after each strain increment.

Fig. 7 is a plot of total time versus accumulated strain rate
at three temperatures (200, 300 and 400 �C) for a mica coating
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thickness of 0.05 mm. All of the feldspar is dissolved after five
increments of strain. Decreasing the thickness of the mica
coating increases the number of dissolution steps, and de-
creases the overall time for dissolution. Increasing the mica
thickness reduces the number of dissolution steps but the over-
all time to dissolve all the feldspar is similar. The increase in
strain rate with time is due to the geometry of the kinetic
model (g¼ 2n) and also because the mineral surface area
increases with each step, thereby increasing the reaction rate.

The total time involved for dissolution of 1 cm3 of feldspar
is tens of years at 400 �C, hundreds of years at 300 �C and
thousands of years at 200 �C, all of which are geologically
very rapid. The strain rates involved are also several orders
of magnitude faster than typical orogenic strain rates (Pfiffner
and Ramsay, 1982). Fig. 7 indicates strain rates of w10�10 at
200 �C, 10�9 at 300 �C, and 10�8 s�1 at 400 �C. These rapid
strain rates are inconsistent with the crystal plastic behavior
of co-existing quartz (Fig. 3), the microstructures of which
are expected to occur only at typical geologic strain rates
(10�12 to 10�14 s�1; Paterson and Luan, 1990). The quartz
microstructure is an intimate part of the overall phyllonite fab-
ric and must have formed approximately at the same time.
This suggests that surface reaction is not rate controlling,
and that the provisional assumption above, that diffusion is
sufficiently rapid, is incorrect.

6.2. Bulk diffusion in a static pore fluid

This section places limits on the value of the diffusion
coefficient in a confined static interconnected pore fluid. The
rapid reaction rates indicated above imply that the solute con-
centration in the pore fluid near the dissolving feldspar will be
the equilibrium value Ceq. Away from the mineral surface, the
concentration in the pore fluid will correspond to the bulk

Surface reaction control
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Fig. 7. Plot of strain rate (s�1) versus time (years) for surface reaction control

at three different temperatures (200, 300, 400 �C) using Eq. (7). Mica coating

thickness¼ 0.05 mm. Strain rate increases with time due to the geometry of

the model (g¼ 2n, Fig. 6) and also due to increase in surface area. All the feld-

spar is dissolved after 5 strain increments, corresponding to a shear strain of

32. The strain rates are in the range of 10�8 to 10�10 s�1 between 200 and

400 �C. For complete dissolution of the initial 1 cm3 grain it takes tens, hun-

dreds and thousands of years at 400, 300 and 200 �C, respectively. The fast

dissolution rates indicate surface reaction is not rate controlling.
value Cbulk. The driving force for diffusion is the concentration
gradient, and by Fick’s first law F¼�D(Ceq� Cbulk) or
F¼�DvC/vx, where F is the flux (e.g. g/cm2/s).

A likely minimum value for diffusion in the mylonites is
provided by measured bulk diffusion rates in a mica-rich ultra-
mylonite over the temperature range 250e550 �C at 100 MPa
water pressure (Farver and Yund, 1999). In these experiments
the diffusion rates parallel to the foliation yield D values of
10�14, 5� 10�14 and 10�13 m2/s at 200, 300 and 400 �C,
respectively. The low activation energy of 30� 6 kJ/mol is
consistent with the diffusion in stationary water, so that the
transport mechanism is inferred to be diffusion in the mylonite
through an interconnected static pore fluid along grain bound-
aries. In the case of diffusive transport in a contact metamorphic
aureole, Nagy and Parmentier (1982) modeled a meter-scale
exchange of oxygen isotopes using a diffusion coefficient of
w10�13 m2/s, which is similar to the experimentally deter-
mined values. Microcracks or other high permeability frac-
ture pathways were not thought to be important in the
transport properties of the experimental ultramylonite, but
such pathways are clearly important in the natural mylonites
described above (Fig. 3). The experimental values are there-
fore likely minimum estimates.

A likely maximum value for the diffusion coefficient in the
mylonites corresponds to tracer diffusion (Dt) in unconfined
static water. Diffusion in a porous rock under pressure, how-
ever, will be slower than an unconfined fluid and tracer diffu-
sion rates in water need to be multiplied by a geometric factor
(u) related to the diffusion porosity (f) and tortuosity (t)
(Neretnieks, 1980). Experimental results indicate that diffu-
sion porosity is a small percentage of the total porosity in
granite (Norton and Knapp, 1977). Tortuosity relates to the
component of the diffusion path length that is not in the
same direction as the concentration gradient (or main diffusion
direction). Under these circumstances, the effective diffusivity
is reduced by 1/t2 (van Brakel and Heertjes, 1974). The effec-
tive diffusivity Deff can be expressed as

Deff ¼ uDt ð8Þ

where u¼ f/t2 is a geometric factor.
The microstructures in Fig. 3 can be used to place some

constraints on the porosity. The fracture porosity can be esti-
mated from the fracture length per unit area in the feldspars
(w1 mm/mm2), times the fracture width (0.01 mm; Fig. 3),
giving f¼ 10�2. The fracture width of 0.01 mm is based on
the thickness of mica along fractures in feldspar, and is
thought to represent the width of the fractures at the PeT con-
ditions of the reaction. The estimated value of f represents
a maximum value since the fractures may not be fully inter-
connected, which would produce porosity ‘‘dead-ends’’. If
the fractures are fully interconnected, tortuosity will be low
(w1) and the geometric factor would correspond to the poros-
ity. In the context of percolation theory (O’Hara, 1994), a large
number of dead-end clusters exist at, or close to, the percola-
tion threshold. Under these circumstances the value of t will
be large because the diffusing species must follow a longer
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diffusion path. Based on experimental and theoretical consid-
erations, the value for t ranges from O2 to O3, being higher in
heterogeneous and anisotropic media (van Brakel and
Heertjes, 1974). Using the larger value, the geometric factor
is then u¼ 10�2/3 or 3.3� 10�3. In a study of diffusion in
intact granitic rocks, Neretnieks (1980) summarized experi-
mental data on rocks up to 50 MPa to suggest a geometric fac-
tor of w10�4. This is taken as a minimum value since under
dynamic conditions (active faulting), dilatancy would cause
permeability to increase compared to static conditions (Fischer
and Paterson, 1989). The likely range for the geometric factor
is therefore estimated to be 10�2 to 10�4.

Based largely on electrical conductances of ions in solution,
values of aqueous tracer diffusion coefficients are provided by
Oelkers and Helgeson (1988) over a range of temperature and
pressure. For example, diffusion coefficients for Kþ, Naþ

and Cl�1 are similar, and yield values of Dt¼ 10�8, 2� 10�8

and 3� 10�8 m2/s at 200, 300 and 400 �C (and 3 kbar), respec-
tively (Oelkers and Helgeson, 1988). The StokeseEinstein
equation considers diffusion of a spherical solute in a dilute so-
lution and expresses diffusion as a function of temperature in
a convenient functional form (Lasaga, 1997)

Dt ¼
kT

6phr
ð9Þ

where k is Boltzmann’s constant, T is temperature (K), h is
viscosity of water (Pa s) and r is the atomic radius (m) of
the diffusing species. Substituting Eq. (9) into Eq. (8) gives
an effective diffusion coefficient

Deff ¼
ukT

6phr
ð10Þ

Using the relation t ¼ x2=4Deff , where t is time, x is dis-
tance, a length scale needs to be chosen in order to evaluate
the time scale over which diffusion is important. Several phyl-
lonite zones have been described in the southern Appalachians
(Sinha et al., 1988; O’Hara, 1988, 1990; Bailey, 1995;
Newman and Mitra, 1993) whereby crystalline thrusts are em-
placed along phyllonite zones. The thickness of these zones is
in the range of 1 to w100 m. In the context of the model in
Fig. 5, this would represent the distance over which a packet
of fluid would diffuse from a fracture zone into the matrix
of the shear zone. Although mica-rich high strain zones appar-
ently greater than 1 km in thickness are present in the Blue
Ridge province, these zones appear to be composite. Mapping
at a scale of 1:24,000 indicates that these wide zones are com-
posed of several thinner strands of w100 m thick that anasto-
mose between less deformed rock (Cattanach and Merschat,
2005).

Under diffusion controlled conditions, the model requires
that a time interval t must elapse between each increment of
strain, corresponding to the time needed for the diffusing spe-
cies to travel the diffusion distance ðt ¼ x2=4DeffÞ. The shear
strain is given by g¼ 2n, where n is the strain increment
counter. The shear strain rate dg/dt is given by 2n/t and
substituting in the relation t ¼ x2=4Deff
dg

dt
¼ 2n4Deff

x2
ð11Þ

Substituting Eq. (10) into Eq. (11) gives approximately

dg

dt
¼ 2nukT

5hrx2
ð12Þ

To evaluate Eq. (12) the following values are used: n¼
1e5; u¼ 10�2, 3.3� 10�3 and 10�4; k¼ 1.4� 10�23 J/K;
h¼ 10�4 Pa s; r¼ 1.5� 10�10 m and x (shear zone
thickness)¼ 100, 10 and 1 m. The atomic radius used is typi-
cal of ions such as Naþ, Kþ and Cl�1 (Emsley, 1998) and the
viscosity of water at 300 �C and 3 kb is used (Dudziak and
Franck, 1966). The resulting diffusion coefficients are similar
to those in Oelkers and Helgeson (1988) within �50%. This
error is not sufficient to affect the conclusions. Low values
of n can be related to proto-mylonite microstructures with
high feldspar contents (e.g. Fig. 2b), whereas high values of
n would correspond to ultramylonites, where feldspar is nearly
totally dissolved (e.g. Fig. 2d).

Fig. 8a is a plot of strain rate versus time for three temper-
atures (200, 300, and 400 �C) for x¼ 100 m and
u¼ 3.3� 10�3, based on Eq. (12). Strain rates are typically
10�14 to 10�13 s�1 over this temperature interval, involving
times of w5.5 Ma. The diffusion coefficients range from
1.1� 10�10 to 7.7� 10�11 m2/s and show a weak temperature
dependence. The strain rates and times are plausible for an ac-
tive mountain belt (Pfiffner and Ramsay, 1982) and consistent
with the co-existing plastically deformed and recrystallized
quartz (Paterson and Luan, 1990). The lower temperature
value of 200 �C is more applicable to cataclasites rather than
mylonites, where quartz behaves in a brittle or semi-brittle
fashion (Fig. 4).

Strain rate increases with time indicating the shear zone is
strain weakening. This is due to the increase in reaction rate
with grain-size reduction, and also because shear strain is
given by a power law (g¼ 2n). This should lead to the strain
localization commonly observed in natural shear zones. As
in the case of reaction control above, maximum shear strain
is 32, after which all feldspar is dissolved, but there is no rea-
son the zone cannot continue to deform along the mica-rich fo-
liation. Mylonites in which all the feldspar has been dissolved
have been reported by several workers in different regions
(e.g. Bryant, 1966; Hippertt and Massucatto, 1998; Wibberley,
2005).

Fig. 8b shows a plot of strain rate versus time for three dif-
ferent geometric factors, u1¼ 10�2, u2¼ 3.3� 10�3 and
u3¼ 10�4 and x¼ 100 m as before. The value of u has a major
effect on the diffusion coefficient and hence reaction time.
The diffusion coefficients range from 2.8� 10�10 to
2.8� 10�12 m2/s in these models. The low value of u3

(10�4) requires w100 Ma for substantial reaction, which is
clearly unrealistic as erosion would remove the thrust sheet
before emplacement was complete. The higher value of u2

(3.3� 10�3) is the same as in Fig. 8a at 300 �C and yields re-
alistic reaction times and strain rates. The highest value for the
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geometric factor (u1¼ 10�2) also yields reasonable strain
rates (w10�13 s�1) but shorter times (0.2e2 Ma).

Fig. 8c shows a plot of strain rate versus time at 300 �C and
the same three values of u as above, for a shear zone width of

x = 100 m; 300°C

1.1E-15

1.0E-13

2.0E-13

3.0E-13

4.0E-13

0.1 1 10 100 1000

Time (Ma)

St
ra

in
 r

at
e

w1

w2

w34

8

16

1

32

x = 10 m; 300°C

1.0E-13

1.0E-11

2.0E-11

3.0E-11

4.0E-11

0.001 0.01 0.1 1 10

Time (Ma)

St
ra

in
 r

at
e

w1

1 4
8

16

w2

w3

32

x = 1 m; 200°C

1.0E-12

2.0E-09

4.0E-09

6.0E-09

8.0E-09

0.00001 0.0001 0.001 0.01 0.1 1

Time (Ma)

St
ra

in
 r

at
e

w1

w2
w3

16

8
4

32

x = 100 m; w = 3.3 E-3

1E-14

3E-14
5E-14

7E-14

9E-14

1.1E-13
1.3E-13

1.5E-13

0 1 2 3 4 5 6

Time (Ma)

St
ra

in
 r

at
e

4
8

16

400°C 300°C
200°C

32

1

Fig. 8. Plots of strain rate versus time for different temperatures, shear zone

widths and geometric factors. Diffusion controlled reaction rates based on Eq.

(12) in the text. Data point labels indicate shear strain. (a) Shear zone

width¼ 100 m for three temperatures (200, 300, 400 �C) and a geometric factor

of 3.3� 10�3. Strain rates range from 10�14 to 10�13 s�1. The times for reaction

are geologically reasonable (1e5 Ma). (b) Shear zone width¼ 100 m at 300 �C
for three different geometric factors u1¼ 10�2, u2¼ 3.3� 10�3 and

u3¼ 10�4. The resulting strain rates range from 10�15 to 10�13 s�1. The small-

est geometric factor u3 yields reaction times that are geologically too long

(w10 Ma). The larger geometric factors u1 and u2 yield reasonable strain rates

and plausible total reaction times. (c) Strain rate versus time for a shear zone

width of 10 m at 300 �C for three different geometric factors. The smallest geo-

metric factor (u3¼ 10�4) yields reasonable reaction times (w1 Ma) and plau-

sible strain rates (10�12). (d) Shear zone width¼ 1 m at 200 �C for the three

different geometric factors. The smallest geometric factor (u3¼ 10�4) yields

strain rates of w10�12 and reaction times of w104 years. This model may be

reasonable in the case of a thin (1 m) diffusion controlled cataclastic shear zone.
x¼ 10 m. The diffusion coefficients have the same range as
before (2.8� 10�10 to 2.8� 10�12 m2/s). Strain rates are
faster (6� 10�13 to 1.1� 10�11 s�1) and deformation times
are shorter (2000 years to 1.7 Ma). The lower value of the geo-
metric factor (u3¼ 10�4) corresponds to a diffusion coeffi-
cient of 2.8� 10�12 m2/s, a strain rate of 10�13 s�1 and
times of w2 Ma, all of which appear to be geologically plau-
sible for a relatively narrow (10 m) shear zone.

Fig. 8d shows a plot of strain rate versus time at 200 �C for
the three values of u above and a shear zone width of x¼ 1 m.
The diffusion coefficients range from 2.3� 10�10 to 2.3�
10�12 m2/s. The strain rates range from 10�8 to 10�12 s�1 with
times of 10e104 years. The slower range in the strain rate
(10�12) and the longer times (104 years) may be geologically
plausible in the case of a minor (1 m), low temperature (cataclas-
tic) shear zone.

Similar modeling of a 1 km wide shear zone indicates that
slow strain rates (<10�15) and unreasonably long times
(>75 Ma) are required, so that a diffusion controlled model
has substantial difficulty in explaining such wide zones. As
mentioned above, these wide zones appear to be composed
of several intertwined narrower shear zones and can be mod-
eled individually on a scale of w102 m.

In the context of emplacement of orogenic-scale crystalline
thrust sheets (e.g. Blue RidgeePiedmont sheet) the preferred
model is that illustrated in Fig. 8a for a 100 m thick shear
zone and a geometric factor of 3.3� 10�3. This model yields
reasonable strain rates and times over a range of temperatures.
The relevant diffusion coefficient is w10�10 m2/s. This value
is faster than that suggested for diffusion in bedrock related to
radionuclide disposal at shallow depths (10�12 m2/s; Neret-
nieks, 1980) but similar to that suggested for regional meta-
morphism (e.g. Rubie and Thompson, 1985). It is about
three orders of magnitude faster than the rate used to model
a meter-scale diffusive exchange zone across a contact meta-
morphic aureole (Nagy and Parmentier, 1982) and about three
to four orders faster than the experimental results in a mica-
rich fine-grained homogeneous ultramylonite (Farver and
Yund, 1999). The rocks within an actively deforming shear
zone, however, are likely to have higher diffusivity pathways
compared to a more passive tectonic setting, such as a contact
metamorphic aureole, or static experiments on a fine-grained
homogeneous ultramylonite.

7. Damkohler number

The conclusion that diffusion is the rate limiting transport
mechanism is reinforced by estimating the dimensionless
Damkohler number (Da), which is the ratio of the chemical re-
action rate to the diffusion rate. For Da numbers [1, reaction
rates dominate, and diffusion is rate controlling (Lasaga, 1997)

Da¼ keffL
2

Deff

ð13Þ

where the effective reaction rate keff ¼ ðA=fÞðkr=CeqÞ, and A is
the mineral surface area per unit volume of pore fluid, f is
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porosity, kr is the dissolution rate and Ceq is the concentration
in the fluid; keff has units of s�1. Deff is the effective diffusion
coefficient and L is the diffusion length scale. Taking the fol-
lowing values: A¼ 6 cm2/cm3, f¼ 10�2, kr¼ 10�12 moles/
cm2/s at 300 �C (Eq. (5)), Ceq for silica at 300 �C¼
7� 10�6 moles/cm3 of fluid, Deff¼ 10�6 cm2/s and L¼ 1 cm,
yields a value for Da of 102. Diffusion therefore is rate limit-
ing, even on a centimeter scale. A larger surface area (i.e.
smaller grains) and longer diffusion distances only strengthen
this conclusion. To negate this conclusion, the diffusion coef-
ficient would have to be the same as that in an unconfined
static fluid (i.e. two orders of magnitude faster), which is
implausible.

This result is consistent with the conclusion of Walther and
Wood (1984) and Knapp (1989) that reaction rates at elevated
temperatures are in general diffusion controlled. In contrast,
Gueydan et al. (2003) implicitly assume reaction kinetics are
the rate controlling mechanism in their deformationereaction
model. Their results allow phyllonite shear zones up to 4 km
wide to develop in 0.5 Ma, which is substantially faster than
the diffusion controlled model in this study. The model of
Niemeijer and Spiers (2005), as applied to crustal strength
profiles, also assumes a reaction-controlled rheology. The
diffusion controlled model proposed here successfully predicts
geologic strain rates under greenschist conditions on a scale of
10e100 m. The model can be applied to other tectonic settings
where crystalline thrust sheets are emplaced along phyllonite
shear zones under greenschist conditions (e.g. the Alps and
the Caledonides; Wibberley, 2005), and also to crustal-scale
strike slip faults (e.g. Median Tectonic Line, Japan; Jefferies
et al., 2006).

8. Tectonic implications

8.1. Rheology

It has been recognized for some time that in the frictional
regime micas and clays are weak compared to other rock types
(Byerlee, 1978), possibly because micas can deform by dislo-
cation glide over a wide range of temperature and strain rate
conditions (Kronenberg et al., 1990). Mica-rich rocks with
a substantial component of feldspar and quartz, however, are
likely to be stronger than single crystals (Shea and Kronenberg,
1992). In cases where mica-rich rocks have a well-developed
foliation, however, strengths may be as low as 10 MPa
(Wintsch et al., 1995). More recent shear experiments on mus-
covite also indicate that at low experimental strain rates and
high temperatures, dramatic weakening occurs during viscous
flow of mica (1e10 MPa; Mariani et al., 2006). The presence
of crystal plastic deformation microstructures in quartz co-
existing with retrograde mica, suggests that extrapolation of
quartz flow laws can place additional constraints on the
strength of the natural phyllonites. Extrapolation of quartz rhe-
ologies to strain rates of 10�14 s�1 indicates strengths in the
approximate range of 10e100 MPa (Paterson and Luan,
1990). The weakness of the mica-rich foliation in these rocks
would favor the lower strength estimate.
The rheologies for intracrystalline plasticity and that for
phyllonite proposed here are very different. The flow law for
intracrystalline plasticity (dislocation creep) usually takes
the form de=dt ¼ Asnexpð�Q=RTÞ, where e is the strain, s

is stress, T is absolute temperature and A, n and Q are con-
stants. The rate controlling mechanism is volume diffusion
in the crystal lattice, which is determined by the activation en-
ergy Q (typically w150 kJ/mol). The exponential dependence
of strength on temperature results in rapid weakening over
a narrow temperature interval (Carter and Tsenn, 1987).

In contrast, the rheology proposed for phyllonite has the
form dg=dt ¼ 2nuT=hrx2 where g is shear strain, n and u

are constants, T is absolute temperature, h is the fluid viscos-
ity, r is the radius of the diffusing species, and x is the diffu-
sion distance. The linear dependence of strain rate on
temperature indicates a weaker role for temperature compared
to dislocation creep mechanisms. This is also indicated by the
lower activation associated with diffusion in a fluid (w20 kJ/
mol; Lasaga, 1997). This suggests that formation of the phyl-
lonite can occur over a larger range of temperature conditions
compared to quartz plasticity, which requires a minimum tem-
perature, commonly cited to be w300 �C. Thus, under
diffusion controlled conditions, breakdown of feldspar to
mica and clays can be expected in both cataclasites and
mylonites over a range of metamorphic conditions (200e
400 �C; Fig. 4).

Based on experimental evidence, the strength of mica in the
phyllonite at mid-crustal conditions is assumed to be
w20 MPa (e.g. Mariani et al., 2006). Below a shear stress
of 20 MPa it is assumed that there is no strain, and above
20 MPa the strain rate follows a modified StokeseEinstein
relation

dg

dt
¼ 0 < 20 MPa ð14aÞ

dg

dt
¼ 2nukT

5hrx2
> 20 MPa ð14bÞ

8.2. Initial detachment

Foreland fold and thrust belts are common features of oro-
genic belts involving brittle thrust emplacement usually along
weak detachment surfaces (e.g. shale or evaporite). In the
case of crystalline thrusts, however, weak lithologies do not
exist, and understanding the development of high strain
zones along their base has been problematic. Previous
workers (e.g. Armstrong and Dick, 1974) have suggested
that these crystalline thrusts became detached from their
source at the brittleeductile transition in the crust,
corresponding to the onset of ductile behavior of quartz.
The ubiquitous presence of phyllonites at the base of the
Blue Ridge thrust sheets suggests an alternative mechanism,
namely reaction weakening due to syn-tectonic mica produc-
tion. Chemical reaction can explain continued weakness after
thrust emplacement, but a mechanism is required to explain
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how these thrust slices initially become detached from their
basement source.

In common with most orogenic belts, an earlier rifting
event preceded the emplacement of crystalline thrusts in the
southern Appalachians. Seismic studies show that steep nor-
mal faults are common in the basement rocks, and detailed
geologic studies indicate that thrusting in some cases followed
pre-existing normal faulting in the Appalachians (Simpson and
Kalaghan, 1989) and the Alps (Wibberley, 2005). This earlier
normal faulting would ‘‘pre-condition’’ the basement by frac-
turing, thereby allowing infiltration of water to promote retro-
gression and weakening. It is suggested that initial detachment
during subsequent compression is promoted by this earlier
faulting and fracturing of the basement.

Fig. 9a shows a passive continental margin after a rifting
event, with normal faults offsetting the basement rocks. During
subsequent compression, these damage zones become infil-
trated by pore fluid along a fracture network and promote retro-
grade chemical reaction, leading to weakening (Fig. 9b). Strain
weakening leads to strain localization along sole thrusts, and
basement slices become detached from their source (Fig. 9c).
Thrust emplacement is inferred to be in a break forward se-
quence, with deeper thrusts forming later (Goldberg and
Dallmeyer, 1997). The source of fluid after initial thrust detach-
ment is likely to be from the Paleozoic carbonate or Precam-
brian clastic sedimentary and meta-sedimentary rocks onto
which the thrust sheets were emplaced (O’Hara et al., 1995).

9. Conclusions

A deformation model involving brittle grain-size reduction
of feldspar followed by chemical breakdown to mica shows
that mineral surface dissolution of feldspar produces unreason-
ably fast strain rates. It is concluded that the rate limiting step is
transport by diffusion in an interconnected fracture-dominated
porosity with a diffusion coefficient in the range w10�10 to
10�12 m2/s over the approximate temperature interval 200e
400 �C. This corresponds to a depth interval of 8e16 km,
assuming a geotherm of 25 �C/km. The model produces strain
rates of w10�13 to 10�14 s�1 (for a diffusion distances of 10e
100 m) which are geologically plausible and also consistent
with co-existing quartz microstructures at these strain rates.
Based on experimental studies for the strength of micas and
quartz, and their coexistence in the phyllonites, the shear
strength is estimated to be w20 MPa at geologic strain rates
over the depth interval 8e16 km. The linear dependence of
Fig. 9. (a) Schematic drawing of a passive continental margin showing normal faults in the basement. X’s mark the sites of likely fracture damage, where fluid

infiltration into the basement rock is inferred to occur. (b) Sequential development of phyllonite during a compressional phase. Fluid infiltration into the basement

rocks causes reaction weakening. Diffusive mass transfer results in volume loss during non-coaxial shear. Strain weakening leads to strain localization, and base-

ment slices become detached from the continental edge. (c) Once a basement slice becomes detached from its source, it is emplaced along basal phyllonite zones.

Fluid is provided by the sedimentary rocks in the footwall. The strain rate and strength of the detachments are controlled by solute diffusion in the pore fluid and

the strength of phyllosilicates. Thrust emplacement is inferred to occur in a break forward sequence. Brick pattern: Paleozoic succession; circle pattern: Late

Precambrian clastics; gray shading: crystalline basement.
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phyllonite strain rate on temperature suggests that phyllonites
can form over a larger range in temperature compared to my-
lonites produced by crystalline plasticity. If crystalline thrust
sheets are emplaced along phyllonite zones they may become
detached from their source over a range of depths and not
just at a depth corresponding to the brittleeductile transition
as previously suggested. The mechanism of phyllonite forma-
tion requires a source of fluid which, on the basis of isotopic
analyses and fluid inclusion measurements, is interpreted to
be derived from the underlying sedimentary and meta-
sedimentary rocks in the footwall. The kinetic model in this
study is also applicable to formation of phyllonites in both
strike slip and extensional tectonic settings.
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